Data collected during two Global Positioning System campaigns in 1994 and 1996 across Chile and western Argentina (22 stations), in the area where the M w = 9.5 1960 May 22 Valdivia earthquake took place, shows ground motion velocities that cannot be fully explained by the elastic strain accumulation during the interseismic phase of an earthquake deformation cycle. We use dislocation models to reproduce the observed velocities, with a 3-D source in a medium with one elastic layer overlying a Maxwell viscoelastic half-space, and a planar rupture surface with uniform coseismic slip. The reason for avoiding a more detailed and elaborated model is that knowledge about the Valdivia earthquake source parameters and the area where the event took place is poorly constrained. We focus, therefore, on examining the first-order postseismic deformation, and ignore finer details about the heterogeneity of the Earth. By means of a grid search inversion over more than a million different models, we derived the most likely values for some of the medium and source parameters involved in the deformation process, namely viscosity (η), thickness of the elastic layer (D), average slip on the rupture surface (U 0 ) and the seismic coupling coefficient (χ). According to our study, the optimum values are: η = 10 20 Pa · s, D = 46 km, U 0 = 15 m and χ = 96. A clear difference is seen between the surface deformation caused by silent-slip on the rupture surface and the one caused by postseismic relaxation processes, two possibilities proposed to explain the anomalous velocities. We find that the deformation associated with the 1960 Valdivia event can still be observed after several decades and it is the most likely explanation for the velocity component that cannot be explained by plate convergence. Our model also predicts that this deformation will still be measurable for several more decades. Our model reproduces the first-order pattern of the measured GPS velocities, showing good agreement with recent finite-element studies, with the advantage of simplicity and short computation time, allowing the extensive search for the best-fitting model.
Zone is needed to explain them. On the contrary, other processes must be involved to produce the deformation observed in the area of the Valdivia earthquake.
An explanation for this incoherence could be that the Valdivia earthquake may still have an influence on the crustal motion in this area. Very large earthquakes, such as subduction events of M w > 9, may induce large stresses in the mantle over a very broad region, and the relaxation process may cause prolonged crustal deformation far away from the coseismic rupture zone for several decades after the event (Nur & Mavko 1974; Thatcher & Rundle 1984) . Other possible explanations could be aseismic slip on the coseismic rupture surface (Nason & Weertman 1973) , deep slip on its downdip prolongation or even a combination of the three processes. Freymueller et al. (2000) and Zweck et al. (2002) interpreted the interseismic crustal motion observed on the western Kenai Peninsula as resulting from a delayed or continuing post-seismic transient response of the 1964 M w = 9.2 Alaska earthquake. Savage & Plafker (1991) and Brown et al. (1977) attributed the immediate post-seismic relaxation after this event to post-seismic slip on the plate interface directly downdip from the coseismic rupture. Kasahara (1975) suggested delayed strain release by aseismic faulting following the 1973 Nemuro-Oki earthquake, Japan. Fitch & Scholz (1971) explained post-seismic movements after the 1946 Nankaido earthquake, Japan, with a combination of reversed slip on the coseismic rupture surface and delayed forward slip on the deeper parts of the fault.
Deep slip was also suggested for the 1960 Valdivia earthquake (Linde & Silver 1989; Barrientos et al. 1992) . However, these and other early works (Plafker & Savage 1970; Plafker 1972; Barrientos & Ward 1990) tried to explain the observed deformation around the area of the event using elastic models and, in most cases, including both co-and post-seismic deformation with the observations. This approach cannot properly consider effects from viscoelastic relaxation, which might not be negligible. Piersanti (1999) modelled uplift and uplift rates by means of a layered spherical earth model with Maxwell rheology, but this work was based on data from only two stations. Khazaradze et al. (2002) modelled GPS velocities as a combination of plate motion and continuous post-seismic crustal deformation using a 3-D viscoelastic finiteelement model. However, the geometry of the subduction zone in this area is not well constrained by data, and the sensitivity of the results to the model parameters remains unclear. Their work was continued by Hu et al. (2004) , including a separate analysis of deformation due to the earthquake alone and deformation due to fault locking. Choosing two to three values for their model parameters, they did a simplified check for the sensitivity of their results.
In this study we used data from 22 GPS stations across Chile and western Argentina (Fig. 1) , collected during two GPS campaigns in 1994 and 1996 (Klotz et al. 2001; Khazaradze & Klotz 2003) . We modelled the measured deformation by means of software by Wang et al. (Wang 1999; Wang et al. 2003 Wang et al. , 2005 . This method and its implementation have several advantages, such as speed and high precision. Also, the effect of gravity was included in a consistent way, with an improved algorithm that corrects a mistake in former works by other authors (Fernández & Rundle 2004; Wang 2005; Wang et al. 2005) . This software also allows us to consider coand post-seismic deformation processes in an adequate manner. Its speed also allows us to carry out a systematic global search for an optimum model with a fairly broad parameter space. These facilities are used to search for an explanation for the anomalous velocities around the earthquake's location. We also carried out an inversion for rheological and structural parameters in this area using the GPS Figure 1 . Map of the study area. The triangles show the 22 GPS sites used for this work. Thin arrows and error ellipses show the measured annual velocities (Klotz et al. 2001; Khazaradze & Klotz 2003) . Numerical values for these velocities are shown in Table 1 . The thick arrows display the annual velocities obtained by means of the best-fitting model. The dashed-line rectangle shows the projection of the rupture surface used for calculations. The thick black line shows the position of the Chile trench. Squares display the most important cities. White dots display the seismicity (events with magnitude at least 5) between 1961 and 1981 from the South American SISRA Catalog (Askew & Algermissen 1985) . Stars show the location of the epicentre of the 1960 Valdivia earthquake after Talley and Cloud (number 1, Talley & Cloud 1962) , Cifuentes (number 2, two subevents, Cifuentes 1989) and Krawczyk & the SPOC team (number 3, Krawczyk & the SPOC team, 2003) . Areas delimited by dashed lines (A, B and C) display latitude intervals for the panels shown in Fig. 5 . data, and found the most likely values for these parameters and their reliability. We also estimate the time for which deformation due to the earthquake will still be measurable.
THE 196 0 VA L D I V I A E A RT H Q UA K E
The Valdivia earthquake of 1960 May 22 is until now the largest event ever recorded by a seismic network. The main shock consisted of two subevents adding up to a moment magnitude of 9.5 (Kanamori 1977) . The destruction area extended for more than 800 km in a N-S direction. Surface deformation related to the earthquake, including both uplift and subsidence relative to sea level, was observed over an even larger area of southern Chile (Talley & Cloud 1962, pp. 57-58; Álvarez 1963; Plafker & Savage 1970) .
Despite the intensive scientific and engineering studies made shortly after the disaster, surprisingly little has been published concerning the generative mechanism of this event. Nor is much information about the area of occurrence of the event. Most studies related to the South American Subduction Zone have been carried for latitudes further north (Jordan et al. 1982; Cahill & Isacks 1992; Araujo & Suárez 1994) or, in the best of the cases, only over the northernmost part of the Valdivia rupture area (Tichelaar & Ruff 1991; Bohm et al. 2002; Krawczyk & the SPOC team 2003; Lüth et al. 2003) . In the following sections, we briefly present background information relevant to our work, that is, the subduction zone and the source mechanism of the event and its geometry.
Tectonic setting and seismicity
The 1960 Valdivia earthquake sequence ruptured about 1000 km of the southernmost section of the South American Subduction Zone. In this region, the Nazca Plate is being subducted beneath South America along the Peru-Chile trench at a rate of 78 mm a −1 , according to the analysis of seafloor palaeomagnetic data (DeMets et al. 1994; Somoza 1998) . Space-geodetic estimates provide a value considerably lower for the convergence velocity (66 mm a −1 (Angermann et al. 1999) ; 69 mm a −1 (Norabuena et al. 1998 (Norabuena et al. , 1999 . These results are based on observations over a relatively short time span, and may therefore be affected by short-term deformation processes, while palaeomagnetic studies provide only a long-term average velocity that may not be representative of the current convergence rate. We favoured for this reason the use of the results from the recent geodetic studies.
Mechanism and location
There were no fault displacements at the surface to provide direct geological evidence as to the orientation and sense of slip on the causative fault or faults (Álvarez 1963) . Similarly, the seismological data was generally inadequate to permit either reliable focal mechanism solutions or precise delineation of the focal region (Plafker & Savage 1970) . No fault-plane solution is available for the main shock of the 1960 sequence because the first arrivals were masked on most seismograms by the large foreshock that immediately preceded it (Cifuentes 1989) .
Precise location of the epicentre of the main shock was not possible for the same reason. The U.S. Coast and Geodetic Survey located the epicentre on the continental shelf, approximately 80 km offshore from the coastline and 60 km west of Isla Mocha (38.30
• S, 74.30
• W, (Talley & Cloud 1962 ); see Fig. 1 for these geographical locations). Cifuentes (1989) relocated the sequence of the earthquake using the master-event technique. According to her work, the two subevents of the main shock were relocated to 38.05
• N, 72.34
• W and 38.16
• N, 72.20
• W. Recently, Krawczyk & the SPOC team (2003) presented for the first time the slab geometry of this area, based on a nearvertical seismic reflection experiment, and proposed a new location at 73.08
• W. This recent work gives an idea of how many aspects of this earthquake are still not well known. Plafker & Savage (1970) and Plafker (1972) , by means of the dislocation analysis of vertical surface deformation several years after the earthquake, found that the most plausible model for the Valdivia earthquake would be a fault with an average slip of about 20 m. Strain modelling suggested, however, that the slip required to satisfy the surface displacement may be as large as 40 m. Kanamori & Cipar (1974) estimated an average dislocation of 24 m from the analysis of a long-period strain seismogram. Barrientos & Ward (1990) employed surface deformation data from more than 300 data points to investigate the slip distribution on the rupture surface. Several slip peaks appeared on this surface, in some cases exceeding 40 m. However, the average repeat time has been estimated to be 128 ± 31a (Nishenko 1985) and, by the present convergence rate of the Nazca and South America plates, much less slip would accumulate during such a period.
Coseismic slip on the rupture surface

Rupture surface geometry
The Wadati-Benioff zone is delineated well enough to infer the dip of the subducting Nazca Plate only in the Arauco Peninsula region, the northern section of the rupture area of the Valdivia earthquake. There, the Wadati-Benioff zone does not extend deeper that 160 km. The Nazca Plate in the Arauco Peninsula region dips at a shallow angle of about 15
• to a depth of 40 km, where it steepens to a moderate dip of about 30
• to reach a depth of about 125 km beneath the volcanoes (Bohm et al. 2002; Krawczyk & the SPOC team 2003; Lüth et al. 2003) . The average dip might be larger than for the Arauco Peninsula region, as the dip in the region north of the 1960 rupture area (Jordan et al. 1982; Cahill & Isacks 1992) . It might also be less, because of the increase in buoyancy due to the southward decrease in the age of the oceanic lithosphere being subducted. Plafker & Savage (1970) estimated the dip angle to be of the order of 35
• . Plafker changed this value to 20
• in a later work (Plafker 1972) . The width of the rupture surface of the Valdivia earthquake is poorly constrained. An approximate measure is obtained from the dip of the Nazca Plate in the Arauco Peninsula region and the probable depth range of faulting. The width of the aftershock distribution, excluding the events close to the trench axis as they are not on the main thrust zone, yields an approximate width for the rupture area of 140 km (Cifuentes 1989) . However, the depth of aftershocks are poorly determined, and thus the depth range is not well constrained.
The rupture length of the main shock is also not well known. In contrast to the northern endpoint, the southern endpoint is not clearly determined, due to the lack of information south of 45
• S. In any case, the sites we used for our analysis are located around its northern half (Fig. 1) . Thus, the exact southern end of the rupture is not critical for our study. Benioff et al. (1961) made the first determination of fault length from instrumental data, suggesting a value of 960-1200 km. The distribution of aftershocks during the first month leads to a value of 930 km (Cifuentes 1989 ). An estimate of rupture length can also be obtained from the extent of crustal deformation. The southernmost point of vertical displacement measured by Plafker & Savage (1970) is at 45.21
• S, but the extent of vertical displacement could reach as far south as the Taitao Peninsula, where a few centimetres of uplift were reported after the earthquake. The rupture length can be estimated as the distance between the initiation of the earthquake and the southern limit of crustal deformation. This length is 800 km to the southernmost measured point, and 920 km to the Taito Peninsula. According to this, Cifuentes (1989) proposed a value of 920 ± 100 km for the rupture length, within the range of values previously presented (Benioff et al. 1961; Press et al. 1961) .
THE MOD E L L I N G
For our study of the post-seismic deformation associated with the 1960 Valdivia earthquake, we use observations from 22 sites from the SAGA (South American Geodynamic Activities) GPS network (Klotz et al. 2001; Khazaradze & Klotz 2003) . The stations cover the northernmost part of the rupture area of the 1960 event (Fig. 1) . The values used are listed in Table 1 . The collected data was processed Table 1 . GPS site velocities from the SAGA network used in the modelling (Klotz et al. 2001; Khazaradze & Klotz 2003 and transformed to a fixed South America reference frame (Klotz et al. 2001) . The mean value of position residuals for these stations, reflecting the achieved regional network precision, is of the order of 2 mm and 5-7 mm for horizontal and vertical displacement, respectively. Since the expected surface uplift in the Andean Subduction Zone does not exceed 2 mm a −1 , two observations separated by 2 years are not sufficient to resolve the possible vertical motions with adequate confidence. For this reason we only considered the two horizontal components of the deformation in our work.
As already mentioned, different approaches have been used by other authors to model the subduction zone where the Valdivia earthquake took place. The most important conclusions from their analyse are:
(1) The predicted deformation is notably sensitive to the distribution of slip on the rupture surface (Linde & Silver 1989; Barrientos & Ward 1990) . However, external constraints are needed to realistically resolve this parameter.
(2) Effects due to post-seismic relaxation are not negligible. When considered, models with viscosity in the range of 10 19 (Khazaradze et al. 2002; Hu et al. 2004 ) to a few times 10 20 Pa · s (Piersanti 1999) provide good results for this area.
(3) The geometry of the rupture surface is an important parameter (Klotz et al. 2001; Khazaradze et al. 2002; Khazaradze & Klotz 2003; Hu et al. 2004) . However, external information is required to describe it. Unfortunately, such information is scarce or not available in detail for the Valdivia area.
(4) The structure of the medium layering has also a significant effect on the modelled data (Piersanti 1999) . Lateral inhomogeneities also have a significant effect on the deformation field (Khazaradze et al. 2002; Hu et al. 2004) . However, the model details might not be resolved by the available data.
(5) Sensitivity studies for the parameters involved in the modelling have been seldom conducted.
(6) Trade-off between different parameters has been discussed briefly in earlier works (Hu et al. 2004 ), but no further testing has been carried out so far.
With this factors in mind, we performed an inversion on four source and medium parameters for the Valdivia earthquake and the area where it took place: the average coseismic slip on the rupture surface U 0 , the viscosity of the underlying viscoelastic half-space η, the thickness of the overlying elastic layer D and the seismic coupling coefficient χ (Scholz & Campos 1995) . Fig. 2 shows a schematic representation of the fault geometry and the medium used in the modelling. We model the deformations using an elastic layer over a viscoelastic half-space with linear Maxwell rheology. This rheological model is a reasonable simplification that nevertheless represents the properties of the crust and upper mantle appropriately. Such a medium has been widely used in earlier publications (Cohen 1980a,b; Rundle 1982; Cohen 1994; Fernández et al. 1996;  Figure 2. Schematic representation of the fault geometry and medium used in the modelling. On the vertical section, the points on the rupture surface represent the point sources into which the extended surface is discretized. (Wang et al. 2003 . Table 2 . Medium model parameters used. The elastic layer extended from 0 km to a depth D, varying from 30 to 98 km. The viscosity of the underlying half-space, η, varied from 10 18 Pa · s to 8.0 · 10 22 Pa · s.
0-D 6.7 × 10 3 3.87 × 10 3 2.9 × 10 3 4.34 × 10 10 -D-∞ 8.0 × 10 3 4.62 × 10 3 3.4 × 10 3 7.25 × 10 10 η Yu et al. 1996; Lorenzo Martín et al. 2002) , although systematic studies of the effects of the rheological input parameters on crustal deformation are sparse (Lorenzo Martín et al. 2002) . Table 2 compiles the rock parameters used in our models to describe the medium. These are standard values for the crust and upper mantle, consistent with seismic refraction studies for this area (Bohm et al. 2002; Lüth et al. 2003 ).
Other authors have considered different rheological models to analyse post-seismic relaxation processes, like the Standard Linear Solid rheology (Cohen 1982; Pollitz et al. 1998) or power-law, non-linear rheologies (Pollitz et al. 2001; Freed & Bürgmann 2004) . These approaches are adequate to model the transient creep immediately after an earthquake. On the other side, linear Maxwell rheology is adequate when the steady state has been reached. Given the time interval between the Valdivia event and the observations (∼35a) and the estimated average repeat time (128 ± 31a, Nishenko 1985), we can assume that the steady state has been reached and that the Maxwell linear rheology properly reproduces the relaxation process. In addition, the limited amount of data justifies the use the linear Maxwell rheology instead of more complicated models.
We used our own software based on dislocation theory (Wang et al. 2003 for the calculation of the time-dependent deformation field produced by dislocation sources embedded in a mixed elastic/inelastic layered half-space. This software uses the elasticviscoelastic correspondence principle (e.g. Christensen 1982, pp. 45-46) , which states that a linear viscoelastic boundary-value problem can be solved by adopting the associated elastic solutions in which the elastic moduli are replaced by the Laplace or Fourier transformed complex moduli. The time-domain solutions are then obtained using the inverse Fast Fourier Transform.
For the inversion, we performed a parameter-space grid search on the four parameters of interest. Besides their most likely values, we also obtained information about the sensitivity of the modelled data to each parameter. Also, we studied the different kinds of processes that (may) contribute to the observed deformation, in order to determine whether it is possible to distinguish their effects on the measurements and, therefore, to establish the cause for the anomalous velocities around the Valdivia earthquake area.
The slip on the fault plane was assumed to be uniform. It may be more realistic to divide the whole rupture surface into patches with different average slip (Linde & Silver 1989; Barrientos & Ward 1990 ), but we opted not to do so, since the small amount of data available and the distance from the rupture surface to the stations does not allow for such detailed slip inversion. Also, slip along the rupture surface should tend to zero towards the edges of the fault. Hence, it would be correct to include tapering of the slip on the rupture surface. However, the effects of such a tapering are only perceptible close to the rupture edges. The stations closest to the fault plane are directly above its deeper edge, so that their distance from to the rupture edges is over 40 km. The tapering in the slip distribution would not have any visible effect on the observation point.
The size and orientation of the fault plane was also fixed, in order to avoid making our analysis too extensive. The rupture surface had an area of 850 × 130 km 2 , dipping 20
• E. These values are consistent with recent studies (Oleskevich et al. 1999; Bohm et al. 2002; Krawczyk & the SPOC team 2003) and similar to those considered or derived by other authors (Plafker 1972; Kanamori & Cipar 1974; Cifuentes 1989; Barrientos & Ward 1990) . For a subduction zone, it would be realistic to increase the value of the dip angle with depth (Linde & Silver 1989; Barrientos et al. 1992) , but, on the other hand, the dip angle is a geometrical variable that mainly affects the distribution of the deformation and less its development in time (Lorenzo Martín et al. 2002) , that is, the post-seismic velocity. Thus, we use a planar rupture area for simplicity. The rake angle was fixed to 108
• to coincide with the long-term direction of relative motion between the Nazca and South American plates, projected onto the rupture surface (Chase 1978; DeMets et al. 1990 DeMets et al. , 1994 Norabuena et al. 1998; Angermann et al. 1999; Norabuena et al. 1999) . The strike of the rupture surface and the depth of the upper limit of the fault plane were chosen in our model to coincide with the local trend of the Peru-Chile trench (N8 • E) and its local depth (4 km) (Smith & Sandwell 1997) .
The observed velocities could in principle include deformation proceeding from different processes in addition to plate motion: post-seismic relaxation, silent slip on the coseismic rupture surface or aseismic slip on its downdip prolongation. Several attempts incorporating deep slip did not lead to a better fit of the data, hence the total observed deformation was modelled as follows:
where x is the total modelled deformation, x plate is the deformation caused by plate convergence, x relax is the contribution from postseismic relaxation and x ss is the deformation created by silent slip. The seismic coupling coefficient regulates which percentage of plate convergence is stored on the fault and later released by earthquakes. Here, we assume that the rest of the convergence gets released in the form of silent slip. The steady nature of x plate and x ss allows to model them elastically, so that they do not depend on the viscosity. Also, these contributions to the total deformation are exclusively determined by the plate convergence and the medium parameters, so that they do not depend on U 0 . Hence, x plate and x ss depends only on D. On the contrary, x relax depends on the manner in which both medium and event are modelled, so that it is dependent on U 0 , η and D. It must be noted that the three contributions to the total deformation are time dependent. x plate and x ss increase linearly with time and the time evolution of x relax is determined by the choice of the rheological model and the value of the viscosity. Models with viscosity values covering several orders of magnitude, from 10 18 Pa · s to 8.0 · 10 22 Pa · s, were considered. All models have a Maxwell rheology for the half-space below the seismogenic layer. The reason for this wide range is that viscosity is not well known, with some studies showing that traditional standard values used in simulations may be incorrect by up to one order of magnitude (Vermeersen et al. 1998) . Previous inferences for this parameter in the area of the Valdivia earthquake range from 3 · 10 19 Pa · s (Khazaradze et al. 2002; Hu et al. 2004 ) to several times 10 20 Pa · s (Piersanti 1999) . In addition, the average viscosity of the mantle has been estimated to be 10 21 Pa · s from post-glacial rebound (James et al. 2000) and rotational dynamic studies (Lambeck 1980) . For each viscosity value, the thickness of the elastic layer was varied between 30 and 98 km. Tichelaar & Ruff (1991) estimated the depth of seismic coupling in Chile to be 48-53 km, while Oleskevich et al. (1999) proposed 40-50 km. Recent seismic refraction studies propose a crustal thickness of at least 35 km at ∼38.15
• S (Bohm et al. 2002; Krawczyk & the SPOC team 2003) . However, some modelling approaches by other authors considered a much thicker elastic layer (Piersanti 1999) .
It must be noted at this point that we are limited to modelling homogeneous horizontal layers. Hence, the thickness of the elastic layer may not be directly interpreted as the thickness of the crust in the area where the earthquake occurred. The latter shows strong lateral variations, especially in the trench-perpendicular direction. Rather, our elastic layer thickness reflects the depth range where both oceanic and continental plates are coupled and where the material behaves elastic/brittle, so that seismicity can occur.
We considered a range of different values for the average slip on the rupture surface, between 10 and 45 m. Different authors consider different values for this parameter, ranging from 17 m (Barrientos & Ward 1990) to 40 m (Plafker & Savage 1970) . With the rupture surface and medium rock parameters of our model, a coseismic average slip of at least 40 m is required to fit the moment magnitude, hence the high upper limit for the values that we regard as possible.
No specific study has been done for the state of coupling of the Chilean Subduction Zone at the latitudes in this work. It is clear that this subduction zone, with young lithosphere subducting rapidly, must be strongly coupled and has a highly compressive strain regime (Uyeda 1982; Scholz & Campos 1995; Klotz et al. 2001; Conrad et al. 2004) . Therefore, the seismic coupling coefficient (reflecting the degree of mechanical coupling at the plate interface) for this subduction zone must be close to 1. We consider a number of different values for the seismic coupling coefficient, ranging from 1, meaning totally locked (Klotz et al. 2001) , down to 0.65. Lower values are not reasonable.
Altogether, a total number of 1 224 720 different models were considered.
To evaluate the fit between the models and the data, we calculated the deviation as follows:
where (
) are the measured displacement at the ith station in the S-N and W-E direction, respectively, (σ x i , σ y i ) are the corresponding error estimations and (x i , y i ) are the respective modelled displacement values.
RESU LT S A N D D I S C U S S I O N
Parameter inversion
From the grid search we found that the best-fitting model has an elastic layer D = 46 km overlying a viscoelastic half-space with a viscosity of η = 10 20 Pa · s, an average slip of U 0 = 15 m and a seismic coupling coefficient of χ = 0.96. This set of parameters is represented by small white circles in Figs 3 and 4 .
The soundness of these inversion results was tested by means of a Monte Carlo error propagation analysis. This is a statistically robust approach to evaluate the stability of the parameters' estimation by reiterating the inversion for sets of potential deformation rates at the GPS sites, taking into account the uncertainties in the velocity values. We considered two times 550 random sets of velocities falling into the 1σ and 2σ GPS error ellipses. They led to the values respectively shown by crosses and dots in Figs 3 and 4 . The results must not be mistaken with the analysis of the deviation curves. The latter only provides a qualitative estimation of the dependence of the deviation on the considered parameter and cannot be used to extract a confidence interval. The Monte Carlo method offers alternative possible best-fitting models when inaccuracies in the data are considered. It propagates the confidence ellipses in the GPS measurements to the determination of the minimum deviation and, therefore, to the estimation of the most likely value for the parameters.
The displacements calculated by means of the best-fitting model are shown in Fig. 1 by thick-line vectors. The average difference between model velocities and GPS observations is 6 mm a −1 , comparable to the 3σ errors of the GPS velocities. If we only consider the stations south of latitude 38
• S, the differences are reduced to 4 mm a −1 , the same value obtained by Hu et al. by means of their finite-element modelling (Hu et al. 2004) . Fig. 3 shows the dependence of the deviation between observations and predictions on the variation of each parameter. The upper panel shows the effect of the elastic layer thickness. For low values in this variable, a moderate variation leads to sharp and strong variations in the deviation. The origin of this is the discretization of the extended source into a finite number of point sources. (Wang et al. 2003 . The change in the depth for the elastic to viscoelastic boundary implies a change in the medium properties for a number of point sources (see Fig. 2 ), hence the deviation changes abruptly rather than continuously. The depths of the deepest point sources are shown as vertical dashed lines to illustrate this problem. The obtained result of D ≤ 46-48 km may be interpreted as the thickness of the continental crust under the GPS sites, consistent with value derived from seismic refraction data (Bohm et al. 2002; Krawczyk & the SPOC team 2003) . This result is also consistent with the depth of coupling between the Nazca and the South American plates, as inferred from the distribution of interplate seismicity (Tichelaar & Ruff 1991) .
The value of η = 10 20 Pa · s for the viscosity led to the best fit of the data (second panel, Fig. 3 ). This result agrees with previous works for this region (Piersanti 1999) and also with other studies dealing with the viscosity of the upper mantle (Vermeersen et al. 1998) . Our result is very well constrained according to the Monte Carlo analysis. The local minimum for η = 3 · 10 18 Pa · s corresponds to a viscosity, which is usually considered too low.
A best estimate of the coseismic slip U 0 = 14-16 m (third panel, Fig. 3 ) is similar to the one deduced by Barrientos & Ward (Barrientos & Ward 1990) for their uniform slip planar model, but much smaller than the patches of high displacement of their variable slip model. Other works consider or derive comparable values for this parameter (Khazaradze et al. 2002) , although some authors suggest the possibility of a much larger average slip (Plafker & Savage 1970) . We discuss this possibility in Section 4.2.
The best-fitting model had a seismic coupling coefficient of χ = 0.94-0.98 (fourth panel, Fig. 3) , meaning that the Chilean subduction zone is 94-98 per cent locked. This is a reasonable result, being that the Chilean subduction zone is an area with a highly compressive strain regime (Scholz & Campos 1995; Klotz et al. 2001; Conrad et al. 2004) .
According to the error propagation analysis, these parameter estimates are stable and reliable when considered independently. Especially, the value for the viscosity in this area remains unchanged for sets of GPS velocities randomly distributed inside their 2σ error Figure 3 . Dependence of the deviation ( , eq. 2) against each parameter. From top to bottom: elastic layer thickness (D), viscosity (η), coseismic average slip on the rupture surface (U 0 ) and seismic coupling coefficient (χ). For each panel, the three variables that are not considered were fixed to the values that led to the best-fitting model (see Table 3 ). Vertical dashed lines on the upper panel display the depth of the deepest point sources into which the rupture surface was discretized. The white circle in each panel shows the position of the minimum, crosses and dots, respectively, display values for models resulting from the 1σ and 2σ error propagation analysis.
ellipses. The seismic coupling coefficient, on the other hand, is less well resolved. Given the uncertainty in the determination of this parameter, we can only conclude that the data is consistent with a highly locked fault.
We performed two inversions from models under two special restrictions: first, the subduction zone was set to be fully locked (χ = 1), such that viscoelastic relaxation and interseismic elastic strain were the only processes causing deformation. Second, models with no post-seismic relaxation processes were considered. The results from these inversions are summarized in Table 3 , together with the results when all deformation types were present. The results show that including post-seismic relaxation improves Figure 4 . The trade-off between pairs of the studied parameters. For each panel, the two variables that are not considered were fixed to the values that led to the best-fitting model (see Fig. 3 and Table 3 ). The field displayed is = 30 · ln( / min ), where is the deviation between the modelled and observed velocities. The white circles show the position of the minimum, crosses and dots, respectively, display parameter values for models resulting from the 1σ and 2σ error propagation analysis. Isolines display contours for equal to 1, 3, 10 and 30.
the fit to the observed GPS data. If we assume that post-seismic relaxation is not taking place, or that its influence cannot be observed on the measured deformation, the deviation between modelled and observed data is 87 per cent larger. On the other hand, excluding silent slip also leads to a good fit between modelled and observed data. This is an anticipated result, since the inversion for the general case already suggested that the subduction zone is almost completely locked. Finally, we also carried out an inversion using the convergence rate of 78 mm a −1 provided by palaeomagnetic studies instead of the 66 mm a −1 from geodetic studies. The results from the inversion do not change, with the exception of the value for the seismic coupling coefficient (see Table 3 ). Increasing the convergence rate implies that the interseismic deformation caused by plate convergence is larger. As a consequence, in order to maintain the goodness of the fit, the contribution of plate motion to the total deformation must be reduced, hence the seismic coupling coefficient must be smaller (see eq. 1). Fig. 4 shows the trade-off between pairs of studied parameters. For each panel, the two variables that are not considered were fixed to the value that led to the best-fitting model (see Fig. 3 and Table 3 ). To Table 3 . Parameter values corresponding to the best-fitting models for four different assumptions about the origin of the deformation. First  (x plate , x relax , x ss ) , the observed velocities is fitted by deformation from plate motion, post-seismic viscoelastic relaxation and silent slip on the rupture surface. Second (x plate , x relax ), the seismic coupling coefficient is fixed to χ = 1, meaning that no silent slip takes place. Third, we assume that no relaxation process exists (x plate , x ss ), or that its effect cannot be observed on the measured velocities. Finally, we consider the Nazca-South America convergence rate from palaeomagnetic studies (DeMets et al. 1994 facilitate the analysis, the field displayed is = 30 · ln ( / min ). Also, the results from the 1σ and 2σ error propagation analysis are shown.
Trade-off
No clear trade-off between pairs of variables is observed, with the exception of viscosity and coseismic average slip. In this case, models with η = 2 · 10 20 Pa · s and U 0 = 26-31 m, as well as models with η = 3 · 10 20 Pa · s and U 0 = 41-45 m also provide a good fit to the GPS data. A linear regression of the viscosity on the average Table 3 lists the parameters that lead to the best fit for each one of these cases. 
According to this, values larger than the 15 m are possible in combination with viscosities larger than 10 20 Pa · s. 15 m of average rupture slip corresponds to a moment M 0 = 7.2 · 10 22 N·m and, therefore, a magnitude M w = 9.2 using the Kanamori relationship, much lower than the actual M w = 9.5. Consistency with the latter value would imply a seismic moment of M 0 = 2.24 · 10 23 N·m, and, therefore, an average coseismic slip of U 0 = 40 m, which conflicts with recurrence time and convergence rate data (Nishenko 1985; DeMets et al. 1994; Somoza 1998) . There are two possible explanations for this problem. First, this may be an indication that the distribution of slip on the rupture surface should be modelled nonuniformly. To check this, a better areal coverage could be very useful when inverting for the distribution of slip. The second possibility is that the average slip on the rupture surface is larger than the 15 m obtained in this study, implying a larger viscosity. Data from a later campaign will be useful in gaining a better insight into the time development of the relaxation process, so that higher viscosity values could be confirmed or ruled out. • S, respectively, see also Fig. 1 ). For the W-E velocities, the fit is in general good, with our best-fitting model reproducing the trend shown by the GPS velocities. In the case of the S-N velocities, the best fit occurs at the two southernmost profiles, although it must be noted that the magnitude of the displacement in the S-N direction is much smaller than the one in the perpendicular direction. This variation of the fit with latitude may also be a suggestion that uniform coseismic slip on the rupture surface is not adequate to describe the Valdivia event.
Horizontal velocity components
The dotted lines in Fig. 5 show the best-fitting model without the contribution from relaxation (plate convergence and silent slip only). This model creates a too-smooth deformation field and fails to fit most of the observed data, especially in the area close to the rupture surface. In addition, the anomalous seaward velocities are not reproduced when excluding relaxation. Hence, even though some silent slip seems to be taking place in this area, this process alone cannot explain the observed seaward velocities. Including viscoelastic post-seismic relaxation processes, on the other hand, improves significantly the fit of the data, while the anomalous velocities are well reproduced. This can only be understood as evidence for the relaxation process of the Valdivia earthquake continuing.
When we regard viscoelastic relaxation processes as source for the deformation, but exclude silent slip (dashed lines on Fig. 5) , the fit between modelled and observed data is also good (see also  Table 3 ), and the results are very similar to the ones obtained in the general case, with no systematic variation in the fit to the single stations.
Measurability and time dependency of the deformation rates
The viscosity of η = 10 20 Pa · s obtained for the best-fitting model and the used shear modulus of µ = 7.25 · 10 10 Pa for the halfspace imply a Maxwell relaxation time of τ α = η/µ ≈ 44 a for the viscoelastic mantle. This value represents the time required for the Figure 6 . Isochrones for the measurability of the deformation caused by post-seismic relaxation. The label for the contours display the number of years after the event during which the post-seismic relaxation produce velocities of at least 4 mm a −1 . The deformation was calculated by means of our best-fitting model. stress to relax by a factor of 1/e in a homogeneous linear Maxwell body subjected to a constant strain. Because of the layering of the model and the spatial transfer of stresses, the Maxwell relaxation time does not necessarily represent the actual characteristic decay time of the post-seismic crustal motion. As a consequence, the latter is in general dependent on the observable and on the observation location.
As it can be important for future GPS campaigns to know for how long will the deformation associated with the Valdivia earthquake still be measurable and where are the locations of strongest time dependence, we did the following analysis: assuming 4 mm a −1 as a reasonable measurability threshold, the contour lines on Fig. 6 display the number of years after the event for which the horizontal velocities from post-seismic relaxation will still be identifiable, that is, for which the velocities will be above the threshold value of 4 mm a −1 . According to our results, the ongoing deformation from the relaxation process of the Valdivia earthquake will be measurable for several centuries at most of the sites employed in this study. The coastal stations will be the first ones to display no effect from the relaxation process. Fig. 7 shows the W-E deformation rate for a trace of points at 40
• S for the best-fitting model, both before the earthquake and the additional contribution of the event at different moments after the Valdivia earthquake. From Figs 6 and 7 it follows that stations in the range between 70 to 73
• W will be the most adequate to further analyse the relaxation process, since the time dependence of the (Table 3 , first column). The thick solid line represents the pre-seismic deformation, that is, the effects from plate convergence and silent slip. Thin lines display the additional contribution associated with the Valdivia earthquake at different points in time. Triangles display the position of the stations considered in this study.
deformation rate is strong in this region, and its effects will be still measurable for a long period of time.
It is worthwhile to note that we made inferences about the timedependent relaxation process from only two GPS campaigns. The two measurements provide only one point in time for the deformation, so the time evolution of the velocity field has not been observed directly. It is the areal coverage of the GPS stations that allows us to extract information about this process.
CONC L U S I O N
By means of dislocation models we reproduced the first-order pattern of measured deformation observed in the area of the 1960 Valdivia event. According to our study, the Valdivia earthquake is the most likely explanation for the velocity component that cannot be explained by plate convergence. We derived the most likely values for the viscosity (η), the thickness of the elastic layer (D) and the seismic coupling coefficient (χ ) for this area, as well as the average coseismic slip on the 1960 rupture surface (U 0 ).
Despite the simplicity of our approach and the uncertainties in several input values, our inversion was successful in retrieving the main features of the observations. The lack of precise geophysical information for the studied area does not allow us to propose more complex models, with a more detailed geometry and heterogeneous slip distribution for the rupture surface. Also, the amount of data we used was very limited, so the possibility of an inversion on other parameters apart from those studied was not considered. Nevertheless, our best-fitting model reproduces the general trend of the observed velocities, including the observed anomalous seaward movement of the inland stations.
Other authors proposed silent slip as a possible explanation for the measured anomalous deformation rates. Our study shows that, even though a small amount of silent slip is present, it is not sufficient to explain the observed seaward velocities on its own. The most likely explanation for these anomalies is the post-seismic relaxation associated with the Valdivia earthquake.
Estimates of the values of the studied parameters are consistent with previous works, although our study provides a narrower range of possible values. Specifically, according to our error propagation analysis, the estimate for the viscosity in this area (η = 10 20 Pa · s) is stable and reliable when considered independent from the other parameters. However, we found a trade-off between viscosity and average coseismic slip on the rupture surface, hence higher viscosities, in combination with larger coseismic slip values, must also be regarded as possible.
According to the values inferred, the relaxation process will still be measurable for several decades, with decreasing deformation magnitude. New measurement campaigns could be used to extract more information about the medium and the Valdivia earthquake. A larger areal coverage would allow a better analyse of the distribution of slip on the rupture surface, the most problematic point in our study. Also, measurements at the same sites at later times would be used to better understand the time development of the relaxation process. The speed of this process is directly linked to the viscosity value in the region. The values presented in this work provide a good first-order approximation and starting point for more detailed works.
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